1. Introduction
Motivation
[2] Rifting is a first-order tectonic process which permanently alters the continents. Associated magmatism adds material to the crust, while portions of the mantle lithosphere may be recycled into the convecting upper mantle. The causes of rifting and the controls on its location are poorly understood. The Colorado Plateau/Rio Grande Rift Seismic Transect Experiment (LA RISTRA) is a seismological exploration to illuminate these processes along a transect from the Great Plains of west Texas, across the Rio Grande Rift and Jemez lineament, to the interior Colorado Plateau in Utah (Figure 1 ). The fundamental motivation for the project is to identify the mechanisms that relate rifting to the larger tectonic context. Specific questions include (1) does the transition in surface features, observed at the edge of the North American craton, reflect an equally sharp change in mantle structure; (2) is the mantle actively upwelling beneath the rift or is it merely responding to lithospheric extension; (3) why does magmatism occur along the Jemez lineament, oblique to the rift axis; (4) is the present elevation of the Colorado Plateau supported by thickened crust, buoyant mantle, or both; and (5) why do several tectonic events of the past 300 m.y. lie along a similar axis as the Rio Grande Rift.
Geologic Background
[3] The southwest United States was assembled through successive accretion events in the Proterozoic. Exposures of the $1.8-1.6 Ga Yavapai province in central Arizona reveal the middle and lower crust equivalent of rocks in modern orogenic zones [Soegaard and Eriksson, 1985; Karlstrom and Bowring, 1988] . Following the assembly of these terranes, the crust was annealed by a massive magmatic event covering much of the continent circa 1.46 -1.36 Ga [Anderson, 1989] . During the Grenville orogeny ($1.1 Ga), a north directed continental collision emplaced thrust sheets and sediments as far west as El Paso, Texas.
[4] In the ensuing 1 Gyr, several tectonic events altered the original lithologies. Continental collision, associated with the closing of the proto-Atlantic 300 Ma, built the massive Ancestral Rocky Mountains along an axis roughly coincident with the modern Rio Grande Rift [Ye et al., 1996] . Beginning at 150 Ma, east dipping subduction along the west coast began to consume the oceanic Farallon plate. Compression from the subduction margin created the Sevier fold-and-thrust belt in Utah and Nevada. During the late Cretaceous and early Tertiary, low-angle subduction of the Farallon plate transmitted compressional stresses 500 km further east to drive the ''basement-cored'' Laramide orogeny along a similar axis as the Ancestral Rocky Mountains [Dickinson and Snyder, 1978; Burchfiel et al., 1992] . The Laramide uplift coincides with many of the Farallon-related subduction volcanics, suggesting that the shallow slab steepened near this location.
[5] From 34 to 22 Ma, a westward progression of extensive calc-alkaline ignimbrite eruptions marked the sinking, or foundering, of the Farallon slab [McIntosh and Bryan, 2000] . This ''ignimbrite flare-up'' was accompanied by doming and extension in central New Mexico. Proposed explanations for this magmatism and extension include counterflow into the asthenospheric wedge opened by the retreating slab [Lipman, 1992] , the arrival of a slab window (a corner in the trailing edge of the Farallon plate) [Dickinson and Snyder, 1978] , and gravitational spreading of overthickened crust [Wernicke et al., 1987; Bird, 1988; Sonder and Jones, 1999] . Extension continues today both in the rift and the Basin and Range. However, the Colorado Plateau, which experienced only minimal deformation during the Sevier and Laramide orogenies, continues to resist the extensional forces in the region. The geographic overlap in New Mexico of the Ancestral Rockies, the Laramide Orogeny, the extent of shallow Farallon subduction, the ignimbrite flare-up, and the Rio Grande Rift, suggests they are not isolated events, but are linked through time by related processes.
[6] The western edge of the Great Plains is a major tectonic boundary between the stable interior continent and the tectonically active western United States. The transition is evidenced by one of the largest lateral seismic velocity gradients in the world [Grand, 1994; Trampert and Woodhouse, 1995; van der Lee and Nolet, 1997b; Bijwaard et al., 1998 ]. It is not known whether the Great Plains province at depth has as sharp an edge as surface tectonics suggest, if the transition is gradual over several hundred kilometers, or if dynamic edge effects in the mantle influence tectonic evolution along the boundary.
[7] Despite multiple orogenies and modern extension on both sides, the Colorado Plateau has resisted significant deformation since at least the end of the Precambrian [Morgan and Swanberg, 1985] . Lipman [1992] suggested that the base of its continental lithosphere may have been eroded during the Farallon slab's period of flat subduction. From a heat flow perspective, the plateau is an island of 50-60 mW/m 2 surrounded by regions with almost twice this surface heat flow [Blackwell et al., 1991] . As in the Great Plains, this suggests the presence of cold mantle lithosphere which insulates the crust from the convecting asthenosphere. Pn velocities of 8.1 km/s beneath the plateau indicate a mantle lid, with a positive velocity gradient, extending 35 -50 km beneath the crust [Beghoul and Barazangi, 1989; Beghoul et al., 1993] . The mere presence of mantle lithosphere though, does not explain the tectonic strength of the plateau. Lee et al. [2001] propose that iron depletion has made the lithosphere less dense, allowing it to form a thicker thermal boundary layer which in turn leads to cooler temperatures and greater strength.
[8] A second unusual feature of the Colorado Plateau is its elevation of $2 km. It is widely believed that during the early and mid-Tertiary, most of the western United States was a high and wide mountain range not unlike the modern Andean Altiplano [Bird, 1979] . About 15 Ma, much of this highland began to extend and collapse, probably driven by gravitational instability [Wernicke et al., 1987; Sonder and Jones, 1999] . Today, the plateau retains some of its elevation while surrounding areas have subsided to lower elevations. The source of buoyancy that maintains the plateau has been variously attributed to the crust [e.g., Chase et al., 2002] , the mantle lithosphere [e.g., Smith, 2000] , and the asthenosphere [Lerner-Lam et al., 1998 ]. These three depths of support are not mutually exclusive; however, there are specific difficulties with each. Thicker crust beneath the plateau can explain its elevation relative to the Basin and Range. However, it fails to explain why the Great Plains, where the crust may be even thicker, has considerably lower elevation. Explanations that treat the mantle as warm and buoyant are inconsistent with high Pn velocities, heat flow and tectonic quiescence. A solution to this paradox must explain how the mantle can be seismically fast and tectonically strong, yet sufficiently warm to help buoy the plateau at its 2 km elevation.
[9] The Rio Grande Rift separates the Colorado Plateau from the Great Plains. It comprises a linear trend of approximately N-S faulted basins from central Colorado through southern New Mexico, where the rift merges with the southern Basin and Range province (Figure 1 ). Extension has occurred in two stages: from 30 to 20 Ma and from 12 Ma to present , with the later stage creating the rift morphology observed today. Extension is also seen in a 10-to 15-km thinning of the crust beneath the rift, which is observed in seismic refraction , surface wave dispersion , and receiver functions [Wilson et al., 2003] .
[10] Several observations in the rift suggest unusually warm mantle. Heat flow exceeding 90 mW/m 2 throughout most of the rift [Reiter et al., 1979; Blackwell et al., 1991] and Pn velocities as low as 7.6 km/s [Olsen et al., 1979] suggest a thin lithosphere. Parker et al. [1984] and attributed teleseismic P wave residuals of 1 -2 s to an upwarp of the lithosphere-asthenosphere boundary. A 100+ mGal gravity low across the region is consistent with thin, warm mantle lithosphere [Thompson and Zoback, 1979; Cordell, 1982] . In the southern rift, basalt compositions (   87   Sr/ 86 Sr, e Nd , and Nb/Ba) indicate a transition from lithospheric to asthenospheric sources at 10 Ma [McMillan et al., 2000] . In the central rift this transition has occurred in the past 4 Myr, suggesting a southern region of thin lithosphere that is expanding northward [Perry et al., 1987 [Perry et al., , 1988 .
[11] Despite active extension during the last 5 m.y. [Cordell, 1982] , much of the volcanic activity during this period has occurred west of the rift along a NE trend known as the Jemez lineament [Baldridge et al., 1991] . This timing coincides with a 3°clockwise rotation of the Colorado Plateau resulting from a change in the direction of regional extension [Aldrich et al., 1986; Hamilton, 1988] . Spence and Gross [1990] modeled teleseismic arrival times to find slow seismic velocities along the Jemez lineament but not beneath the southern rift. A synthesis of several seismic experiments shows a broad zone of low velocities extending between the Jemez lineament and the southern rift, becoming narrower beneath the central rift [Slack et al., 1996; Achauer and Masson, 2002] . One model proposes that the rotation of the Colorado Plateau has weakened the crust and mantle lithosphere along its southeastern edge, triggering volcanism along the lineament [Aldrich et al., 1986; Spence and Gross, 1990] . A second interpretation proposes that the low velocities and magmatism are due to hydrated olivinepoor lithosphere left over from Proterozoic subduction between the Yavapai and Mazatzal provinces [Dueker et al., 2001] . Both models attribute the Jemez lineament to anomalies in the mantle lithosphere. However, the viability and lithospheric mechanics of either model have yet to be shown.
[12] With the exception of the Trans-Pecos range in west Texas [Barker, 1979] , the Rio Grande Rift marks the eastern limit of major Mesozoic and Cenozoic tectonism. The N-S axis of the rift cuts across the Proterozoic grain, and has been a locus of orogenic and magmatic activity for at least 300 m.y. It is unclear why some regions seem predisposed to repeated tectonic activity. The history of events centered on the Rio Grande Rift, juxtaposed with the tectonically quiet Great Plains and Colorado Plateau, provides a natural laboratory to address the following question: do these tectonic events occur in the same place because of weak sutures dating back to the assembly of the continent, because of driving from the deep mantle or because prior events predispose the lithosphere to subsequent tectonism?
Data
[13] The 950-km-long LA RISTRA seismic array was composed of 54 three-component broadband seismometers from the IRIS-PASSCAL instrument pool. The array was centered on the Rio Grande Rift, with a strike of N46°W (Figure 1 ). Three additional instruments deployed off the line are not included in this study. The nominal station spacing was 18.1 km and all but two of the stations lie within 3 km of the mean great circle path. Instrumentation consisted of Streckeisen STS-2 (120 s) seismometers at all sites. Reftek 24-bit acquisition systems recorded continuously at a 20 Hz sampling rate. Long-period noise levels are quite good for a temporary deployment. The median noise level on the vertical component, for periods of 17-100 s, is 5 -7 dB above that observed at the nearby borehole GSN station, ANMO, in Albuquerque, New Mexico [Wilson et al., 2002] . At periods of 3 -17 s, including the microseismic band, vertical component LA RISTRA noise is indistinguishable from ANMO.
[14] The configuration of the array was chosen to cross the three tectonic provinces while maximizing inline seismicity from Taiwan, Japan, Kamchatka, the Aleutians, Cascadia, Central America, South America and the southern Mid-Atlantic Ridge. The 21-month deployment, from July 1999 to May 2001, was long enough to record large earthquakes from all of these regions and provide a range of epicentral distances and source mechanisms. Of the 300 earthquakes with M w ! 6.0 during the deployment, 46% had a back azimuth within 20°of the array and 22% were within five degrees of the array (Figure 2 ).
Phase Velocities
[15] Several features in the raw data suggest that an examination of surface wave velocities would be fruitful. Plots of raw surface wave data show variable phase moveout along different parts of the array (Figure 3 ). Body wave travel time residuals of ±1.6 s [Gao et al., 2004] suggest variable mantle structure. Given the sensitivity of longperiod waves to upper mantle structure, a full treatment of surface waves seemed warranted.
Phase Velocity Considerations
[16] For all but the deepest earthquakes, a long train of high-amplitude Rayleigh waves dominates the seismic waveform. The vertical plane retrograde motion of these waves decays with depth. Because longer-period waves sample deeper portions of the Earth, the velocity of Rayleigh waves is period-dependent. This period dependence can be exploited to resolve velocity as a function of depth. In this paper we measure interstation phase velocities across the array and invert them for shear velocity structure.
[17] Shear wave splitting measurements from LA RISTRA show relatively uniform upper mantle anisotropy with a fast direction perpendicular to the array [Gök et al., 2003] . Rayleigh waves are predominantly sensitive to shear velocity inline with the direction of propagation [Smith and Dahlen, 1973] . Love waves are more sensitive to velocity transverse to the propagation direction. The serendipitous orientation of the shear wave splitting directions allows us to largely ignore the effects of anisotropy and interpret our results as velocity along the slow axis. The orientation is also a caution against interpreting Love and Rayleigh velocities together without explicitly considering anisotropy.
[18] The effects of multipathing have to be considered, due to complex regional tectonics and the Pacific Rim path for many events. Because of differences in oceanic and continental lithosphere velocities, there can be more than one path for waves to travel between source and receiver. The slight difference in travel time along each path results in interference at the receiver that is visible in the raw data. Though multipathing can bias velocity measurements, the resulting interference patterns are highly sensitive to back azimuth ( Figure 3 ). We exploit the linear nature of the array and the large number of in line events to minimize the effects of multipathing. By using events from a range of back azimuths the interference effects are diminished and statistically robust velocities can be extracted.
[19] The first fresnel zone of a teleseismic surface wave is elliptical in map view and can be many hundreds of km in width. To estimate our regions of sensitivity we approximate one-dimensional (1-D) kernels as the positive portion of the first fresnel zone (see Spetzler et al. [2002] and Ritzwoller et al. [2002] for a full treatment). In addition, we give the kernels a cross-sectional sensitivity based on the Born/Rytov approximation [Spetzler et al., 2002] . A phase delay between instruments is a function of the difference between two such sensitivity kernels. The source sides of the kernels cancel out, leaving a crescent-like zone of sensitivity. Figure 4 shows two such crescents calculated using groups of LA RISTRA stations discussed below. While the tails are considerable, the sensitivity drops off rapidly away from the array. For a 120 s wave with an epicentral distance of 60 degrees, we find that 90% of the sensitivity is concentrated within 160 km of the array. Note the inner crescent of negative sensitivity. When the kernel is collapsed into one dimension along the array (a necessary assumption given the array geometry), the positive crescent tails are canceled out by the zone of negative sensitivity. With these assumptions in mind, we use a standard ray theoretical approach, but interpret our results as a ''swath average'' along the line and estimate resulting errors.
[20] When measuring interstation surface wave velocities, it has generally been assumed that events must lie within a few degrees of the interstation path to be robust. In light of recent [Spetzler et al., 2001 [Spetzler et al., , 2002 work demonstrating the significance and extent of surface wave sensitivity kernels, we challenge this assumption. We find that the variance in phase velocities determined from events 15°off the array axis is no larger than for events within a few degrees of the array. In fact, for our study we find that the improvement in RMS velocity error gained by including more data, outweighs the benefit of selecting just a narrow range of back azimuths ( Figure 5 ). We suggest this is true because of the broad sensitivity displayed in Figure 4 , even for waves traveling directly along the array. Long-period waves are sensitive to a wide swath of terrain. Because we measure velocities from paths with a range of back azimuths, we interpret our results as a ''swath average'' along the array.
Slant-Stacking Method for Period-Velocity Curves
[21] We use a frequency domain stacking approach [e.g., Nolet, 1975; Cara, 1978; Mokhtar et al., 1988 ] to derive characteristic dispersion curves for each station using the program suite of Herrmann and Ammon [2002] . In this technique, based on the method of Mokhtar et al. [1988] , a set of traces are slant stacked over a range of slownesses in the frequency domain. Traces are windowed to pass apparent velocities of 2 -5 km/s. The modulus of this stack, F, is a function of frequency and slowness, and measures how coherently each phase stacks at different velocities ( Figure 6 ). Though slowness and frequency are used in all calculations, we display results in velocity and period. The slant-stack method makes use of the dense station spacing and separates the fundamental from higher modes. It also removes the influences of geometric spreading and source spectrum (assuming a similar back azimuth for all stations). At a given period, a maximum in F implies there is significant energy propagating at that velocity. We normalize F such that a single noise-free surface wave mode has F = 1. In practice, F is less than 1 because of noise, variable ray parameter or spectral holes in the source. F may have several maxima if more than one mode stacks coherently.
[22] The phase velocity dispersion curve is extracted by locating the ridge of maximum stack value F. Dispersion curves are sampled at periods between 6 and 200 s such that log 10 (T i+1 /T i ) = 0.02, that is T = 6. 00, 6.28, 6.58, . . . 182.40, 191.00, 200 .00.
[23] Stack functions are derived from 29 earthquakes (Table 1) . Originally, we averaged the 29 resulting dispersion curves, but RMS errors of 0.4 km/s were unacceptably large. To improve the error, we expand on the slant-stack technique by incorporating multiple events into a single stack ( Figure 6e ). By summing the stack functions before extracting a dispersion curve, we make use of the actual value of F, not just the location of its maxima. F is a quantitative measure of how well traces stack at any one velocity. The magnitude of the stack functions preferentially weight observations that stack cleanly. Since we discard the phase of the stack and consider only the modulus, different events can be summed without compensating for source characteristics. By combining numerous events the effects of noise, spectral holes, and destructive interference from multipathing are minimized before the dispersion curve is extracted ( Figure 6 ). Higher modes are seen on some records (e.g., Figure 6b ), but they are too weak and variable to appear in the composite map (e.g., Figure 6e ). While higher-mode energy is effectively separated out, these observations are too inconsistent to be statistically robust. For this reason, we use only fundamental mode energy in this study.
Moving Bin Technique
[24] The close station spacing in this experiment was designed for body wave tomography, receiver functions and shear wave splitting. For long-period surface waves, the wave field is oversampled. Rather than ignore data, we include all stations and employ a moving bin technique. To determine phase velocities at one station, we apply the slantstack technique to the record from that station and several stations on either side. This bin of traces is shifted one station at a time to span the array.
[25] The number of stations included in the bin determines the maximum lateral resolution and the phase velocity error. For periods of 6 -40 s, a bin of five adjacent stations ($72 km aperture) provides consistent phase velocities. At periods of 40-200 s, the bin size is increased to nine stations ($145 km aperture) to achieve the same errors (see section 3.4 for error estimates). Results from the two ranges are merged to create a continuous dispersion curve between 6 and 200 seconds. In practice, the resolution will be somewhat larger and variable because of the complex off-line sensitivities (Figure 4) .
Phase Velocity Error Estimates
[26] Waves traversing the array in opposite directions provide a crude means for estimating errors that may result from the ray theory approximation or out-of-line structure. We compare phase velocities derived using only the 14 events from the northwest, and the 15 events from the southeast (Figure 7b ). The RMS error relative to velocities derived from all events is generally less than 0.07 km/s over the period range 30-160 s. This is similar to errors derived from a bootstrap resampling of the 29 events except between 10 and 30 where the bootstrap analysis estimates lower errors. Errors may also occur if the dominant wave front arrives off the source-receiver great circle path, resulting in overestimates of velocities. Since our slant stacking approach is based on epicentral distance, not interstation distance, this problem does not increase for events which lie further away from the great circle path of the array. This Figure 5 . Phase velocity error as a function of back azimuthal range and number of events. The error is the average RMS error in phase velocity for periods between 10 and 150 s at all stations. The back azimuth range is the maximum allowed variation from the great circle path defined by the array. Small numbers indicate how many good events exist in each back azimuth range. The smallest errors are achieved by using a larger pool of events, even though this requires using events further from the great circle path. may explain the increase in phase velocity error at short periods and the generally high estimates of crustal shear velocity. This error can be only partially accounted for in this error analysis.
[27] Limited phase moveout across the array makes the measurement of periods greater than 150 s less stable. Errors at long periods could be reduced by using a wider aperture of stations at the expense of lateral resolution. On the basis of this analysis, we include periods between 10 and 150 s in the inversion for shear velocity structure.
Prior Constraints on Structure
[28] Surface waves can be used to infer shear velocity as a function of depth. Though Rayleigh waves are primarily sensitive to shear velocity structure, they exhibit a weak dependence on compressional velocity and density. Phase velocity cannot be uniquely inverted for all three. In addition, surface waves are fairly insensitive to sharp velocity contrasts. Because of this nonuniqueness, and limited resolution, it is important to include independent constraints. The collaborative approach of the LA RISTRA team has facilitated this type of parallel analysis.
[29] Our model uses the sediment and crust thicknesses, as well as crustal Vp/Vs, from the receiver function analysis of Wilson et al. [2003] . They find 47-54 km crust beneath the Great Plains and Colorado Plateau, with a 300-km-wide upwarp to 35 km centered beneath the rift axis. Mean crustal Vp/Vs ratios vary from 1.72 to 1.80 with the highest values occurring near the rift. We smooth the crust model over five stations, equivalent to the maximum lateral resolution of the short-period surface waves.
[30] Several authors have demonstrated the utility of solving for a structure that jointly satisfies both receiver functions and surface wave velocities. For example, Julia et al. [2000] derive one dimensional velocity profiles by combining surface wave velocities from regional tomographic studies with a single composite receiver function for a station. In such a joint inversion, surface waves constrain the shear velocities, while receiver functions constrain gradients and boundaries in the resulting model. The dense array data of this project facilitated more advanced receiver function techniques, including Kirchoff migration and multiple-moveout suppression of multiples. A new technique integrating these methods with a 2-D surface wave inversion might improve resolution of crustal features. However, in this paper we focus on the uppermost mantle-a region where receiver functions offer few constraints and may be especially noisy due to multiples from the crust. We choose to use the receiver function results as constraints in the surface wave inversion. We also show a posteriori that errors resulting from assumptions about crustal thickness are small and do not affect our interpretation (Table 2 ).
Shear Velocity Structure
[31] Phase velocities are derived beneath each station with the exception of the two stations at either end of the array, which are not included because the five station moving window requirement could not be met. Each phase velocity column (Figure 7a ) is inverted individually using identical inversion parameters to obtain 1-D shear velocity structures. No horizontal regularization is required because the phase velocity data are inherently smoothed along the array by the moving bin approach.
Inversion for Shear Velocity
[32] The 2-D model is parameterized with layers that are stretched vertically to fit the geometry of the sedimentary layer and Moho (Figure 8 ). The thickness of the top layer varies from 0.6 to 6.4 km to represent the sedimentary basins. Sixteen equally spaced layers of 2 -3 km extend to the Moho. Beneath the Moho, layer thickness increases with depth from 4 to 38 km. Below 210 km, the model is identical beneath all stations.
[33] Shear wave velocities are imposed on this grid. In the crust, Vs increases linearly from 3.5 km/s below the sediments to 4.1 km/s just above the Moho. We choose a uniform linear velocity gradient to minimize artifacts in the results. Vp is set using the Vp/Vs ratios of Wilson et al. [2003] . We also set sediment velocities following Wilson et al. [2003] . In the mantle, starting velocities are based on the model AK135 [Kennett et al., 1995] . Densities are tied to Vp by the relation of Nafe and Drake [1957] . Phase velocities are calculated for each 1-D column in the model using the surface wave analysis package of Herrmann and Ammon [2002] .
[34] We use an iterative least squares inversion to determine a best fit shear velocity model. The starting model is used to predict phase velocities and the Frechêt derivative matrix of phase velocity sensitivities to shear velocity structure (Figure 9 ). The problem is linearized by assuming the kernels are constant for small changes in Vs. A damped least squares inversion is used to estimate dVs which reduces the error between the observed and predicted phase velocities. The initial Vs in the model is replaced by Vs + dVs and the sequence is iterated until it converges. Smoothing is accomplished by minimizing kdVs j+1 À dVs j k 2 , the L2 norm of the change in velocity increment between adjacent layers. We measure the complexity of the model using kVs i,j À Vs i,j smooth k 2 , where Vs is the final model, Vs smooth has been smoothed by averaging adjacent horizontal and vertical blocks, and the indices include all blocks above 400 km, excluding those adjacent to the Moho and sediment layer (no penalty is assessed for discontinuities at known boundaries). A small amount of damping keeps the model complexity low, but still allows the inversion to converge within ten iterations. Our preferred final model is shown in Figure 10 . The RMS error of the data predicted by the final model is 0.042 km/s. This is a 78% improvement over the 0.190 km/s error of the starting model.
Model Errors
[35] Error in the phase velocities (Figure 7b) propagates into the final model. We make a crude estimate of these errors by comparison with models derived using phase velocities traveling only one direction along the array (see section 3.4 for details). We consider these representative of the most biased models which might result from ray theory assumptions or off-line structure. Resulting errors (Table 2) are greatest in the crust, in agreement with the larger phase velocity errors at periods less than 30 s (Figure 7b ).
[36] The ill-posed nature of inversions for shear velocity is well known [e.g., Cotte et al., 1999; Rapine et al., 2003] . To minimize artifacts we use a uniform starting model, damp the inversion, and interpret only those features that can be traced to observations in the raw data. Even so, some features are model dependent.
[37] The low velocities of the sedimentary basins are poorly resolved by our data. Potential errors in the sediment layer have strong effects on the upper crust. For this reason, we interpret results in the upper half of the crust with caution.
[38] To examine errors incurred by assuming inaccurate crustal thickness, we run our inversion with the Moho fixed at different depths. The results are predictable and are shown in Figure 11 . When the Moho is moved 4 km shallower, both the lower crust and the top of the mantle are slower. A deeper Moho results in faster velocities above and below the Moho. The variance introduced by a generous ±4 km error in the Moho depth is only about 0.05 km/s, smaller than other errors and much smaller than the variation observed along the array.
[39] Although the mean velocity in the vicinity of the Moho is resolvable, the discrete velocity jump across the Moho, dV Moho , is not; dV Moho is free to vary in the inversion, though it is influenced by the starting model. If the assumed dV Moho is too large, the final model develops a low-velocity zone in the lower crust and a thin sub-Moho high velocity. The reverse is true for small values of dV Moho . We find that dV Moho = 0.4 km/s in the starting model results in realisitic velocities with the least complexity near the Moho.
[40] The last source of error we consider is due to velocities in the starting model, independent of the Moho. To address this, we perform 700 inversions using alternate starting models that contain smooth random perturbations of ±0.3 km/s. This is the greatest source of error through most of the mantle (Table 2 ). The range of resulting models is shown in Figures 10a-10e .
Results and Discussion

Structure of the Crust
[41] The crustal velocity structure shown in Figure 10 shares features common to most continental crust. In all areas of the profile, a gradient in shear velocity extends from the base of the sediment layer to depths of 15-25 km. The lower crust exhibits a much smaller, if any, vertical gradient in velocity. This transition simply reflects the change in slope of the dispersion curves near 30 s (Figure 7a ). Horizontal variations in lower crustal velocities exceed 15%, reflecting the different tectonics and composition of each region.
[42] In general, we find vertically averaged crustal velocities to be 0 -0.15 km/s faster than previous studies. The discrepancy may be the result of assumptions about the depth to Moho, Vp/Vs ratio, sediment layer, or inversion technique in this, or previous, studies. The consistency across the array implies that relative velocity comparison within this model is robust.
[43] The highest crustal velocities are found in the western edge of the Great Plains, a region that has not experienced significant tectonism in the last 300 m.y. The absence of volcanism and deformation allow this area to serve as a reference. Low heat flow [Blackwell et al., 1991] suggests Table 2 for standard deviations). (f ) and (g) Shear velocity structure of the crust and mantle, respectively. (h) and (i) Velocity perturbations of the crust and mantle relative to a 1-D model. The 1-D reference model is defined as AK135 in the mantle and as the laterally averaged structure in the crust.
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WEST ET AL.: SOUTHWEST U.S. SHEAR WAVE STRUCTURE that the crust has been insulated against heating from the mantle. The western edge of the Great Plains is defined as sharply in crustal velocities as it is in surface morphology. In less than 60 km, from stations NM12 to NM16, the velocity at 30 km depth decreases by 0.4 km/s. This length scale is on par with the resolution for shallow features suggesting that the crustal transition out of the Great Plains could be even sharper.
[44] A midcrustal low-velocity zone between stations NM16 and NM20 is at the same longitude as the Ruidoso volcanic field. It is at the limit of resolution and we cannot rule out the possibility of a modeling artifact. The feature is coincident with granitic plutons beneath the 30 Myr calkalkaline Ruidoso volcanic field [Kelley and Thompson, 1964] . Alternatively, it could be a thermal anomaly related to the Holocene Carrizozo volcanic field (Figure 1) .
[45] The crust between stations NM20 and NM35 exhibit remarkably uniform slow velocities throughout the crust. At the resolution of the method, no low-velocity zones are observed. Velocities beneath NM20 to NM30 coincide with surface morphology of the rift. The zone of rift-affected crust is wide because the array crosses obliquely near the point where the rift widens into two basins to the south. NM35 is located on Mount Taylor, one of the major volcanic fields of the Jemez lineament. No difference in crust is observed between the Jemez lineament and the Rio Grande Rift. The low-velocity crust beneath Mount Taylor is attributed to high temperatures and complex sill and dike structures known to exist beneath nearby volcanoes [Aprea et al., 2002] . Similar processes are responsible for the slow crust observed in the rift. The emplacement of sills in the rift is inferred at the Socorro magma body, a modern sill covering an area of 3400 km 2 [Sanford et al., 1973; Schlue et al., 1996; Balch et al., 1997] centered 60 km south of station NM28.
[46] West of station NM39, distinct crustal structure is observed for the Colorado Plateau. A steep upper crust velocity gradient transitions, at 20 km, to uniform lower crust that is not as fast as the Great Plains. One explanation is that differences between the lower crust of the plateau and Great Plains reflect different lithologies inherited from the Protorozoic piecemeal assembly of the continent. Velocity differences between metapelite, amphibolites and mafic granulites are more than sufficient to create the observed velocity difference of 0.2 km/s. A second possibility is that Phanerozoic tectonic events have elevated the temperature of the lower crust beneath the Colorado Plateau relative to the Great Plains. A 400°C temperature variation can explain the difference (assuming @ ln Vs/@T = À1 Â 10 À4 K À1 [Karato, 1993] ). If water is present, or if temperatures approach the solidus where anelastic effects are significant, the temperature difference could be as small as 200°C. Thicker lithosphere beneath the Great Plains may have provided more insulation from heating and intrusion from the mantle.
[47] Beneath stations NM44-AZ47 there is a high-velocity region centered at 20 km depth. The narrow width of the feature and the higher error in the midcrust (Table 2 ) make its interpretation speculative. The high-velocity body underlies the Navajo volcanic field, a diffuse assemblage of 25-30 Myr volcanic plugs and dikes [Semken and McIntosh, 1997] . Cooled mafic intrusions from this event could be responsible for the feature observed here.
The Great Plains Upper Mantle
[48] The eastern 250 km of the LA RISTRA array extends into the stable craton of the Great Plains. East of station NM08, mantle velocities shallower than 200 km exceed 4.55 km/s, consistent with thick lithosphere and cool temperatures. At depths below 200 km, velocities remain higher than the global and regional average. To test whether this could be the result of vertical smearing in the modeling, we ran a variant of our inversion that squeezed perturbations into the shallowest 200 km. This model has an unacceptable 27% larger misfit to the data, demonstrating that high velocities at depths below 200 km are required to fit the data. Similar velocities are found in the body wave tomography results [Gao et al., 2004] and are interpreted as a downwelling effect at the edge of the thick continental lithosphere. As in most cratonic regions, no clear velocity transition is associated with the lithosphere-asthenosphere boundary, though high velocities suggest that this region of the Great Plains lithosphere is at least 200 km thick.
Colorado Plateau Lithosphere
[49] The presence of mantle lithosphere is clear in the velocity structure beneath the Colorado Plateau. The structure can be characterized as a classic high-velocity mantle lid, extending to depths of at least 120 km (Figure 10) . Velocities of 4.50 -4.55 km/s at the top of the mantle, though slower than the Great Plains, are consistent with the fast Pn velocities of Beghoul and Barazangi [1989] . This lid transitions gradually into a low-velocity zone. Tests on synthetic models show that a sharp velocity transition, centered at 150 km, would appear as a similar gradient between 110 and 180 km due to the broad sensitivity of surface waves and the inversion smoothing. However, no receiver function converted phase is observed from this depth [Wilson et al., 2003] , consistent with a gradational, thermally controlled transition from lithosphere to asthenosphere. This is also supported by Beghoul et al. [1993] , who found a maximum turning depth of Pn phases (the depth at which the negative velocity gradient begins) to be about 100 km. While Figure 10 may be somewhat smoother than the real Earth, the most likely model transitions gradually from lithosphere to asthenosphere between about 120 and 150 km.
[50] The Colorado Plateau mantle is dramatically different than the Great Plains. Most notably, the plateau lithosphere is underlain by a low-velocity channel, extending to $275 km depth, that is up to 5% slower than the overlying mantle. Velocities converge back toward global averages near the bottom of the model. To test the width of the channel we compare our preferred model to the depthsqueezed version discussed above. As in the Great Plains, we find the data misfit from the depth-squeezed model to be 27% larger, indicating that the bottom of the low-velocity channel is well resolved.
[51] The substantial lithosphere beneath the interior Colorado Plateau is consistent with its tectonic quiescence, low volcanic productivity and low heat flow. Our results support the suggestion by Lee et al. [2001] that Proterozoic mantle beneath the plateau has formed a thermal boundary layer limiting heat flow to the crust. This insulating layer in turn has led to a cooler stronger lithosphere which manifests itself seismically as a high-velocity layer beneath the crust. This mantle lithosphere had to survive the shallow Laramide subduction of the Farallon slab.
[52] From a mantle perspective, the interior of the Colorado Plateau begins near station NM40, roughly 80 km west of the Jemez lineament. The gradational edge of the plateau agrees with the velocity structure found by the Deep Probe experiment [Snelson et al., 1998 ], which examined the edge of the Colorado Plateau and crossed LA RISTRA near NM38. The similarity of velocity structures, in both magnitude and gradient, shows that the edge of lithospheric blocks, such as the Colorado Plateau, can be gradational over 100 km or more.
Isostatic Support of the Colorado Plateau
[53] While substantial lithosphere is consistent with seismic observations, it does not answer the question of how the plateau's high elevation is supported. McQuarrie and Chase [2000] and Chase et al. [2002] demonstrate that thick crust supports the plateau's 2-km elevation, based on a geoid comparison referenced to 35 km crust at sea level. While this argument accounts for variations between the plateau and western provinces, such as the Basin and Range, it does not explain why the Great Plains, which has even thicker crust, lacks any significant elevation. Bird [1988] proposed that the plateau rose when the shallow Farallon slab sank, removing nearly all of the lithosphere and drawing warm asthenosphere into the mantle wedge. Yet tectonics and high Pn velocities beneath the plateau strongly suggest modern, cool thick lithosphere [Beghoul and Barazangi, 1989] at present, while xenoliths suggest that the mantle lithosphere was relatively cool even 25 Ma [Riter and Smith, 1996] .
[54] The low-velocity channel beneath the plateau provides a resolution to the paradox of high elevation and cold lithosphere. We estimate the difference in buoyant force for the mantle between 150 and 300 km depths beneath the Colorado Plateau relative to the Great Plains. To allow for possible effects of composition on velocity we ignore the first 2% of the velocity difference, though these effects are typically small [Sobolev et al., 1996; Goes et al., 2000] . The remaining velocity anomaly is attributed to temperature, and converted to a density perturbation using @ ln r/@ ln Vs = 0.23 [Karato, 1993] , where 100 Â @ ln Vs is the percent velocity difference beneath the plateau relative to the Great Plains (minus the two percent allowed for composition). Summing the density perturbation in a column beneath each province yields a differential buoyancy sufficient to support an additional 1.3 km of elevation in the plateau relative to the Great Plains, assuming crustal densities of 2700 kg/m 3 . This simple calculation makes several assumptions and does not include other effects such as crustal composition. Though some support for the plateau undoubtedly comes from the crust and perhaps the lithosphere, this calculation demonstrates that buoyancy from the asthenospheric channel is significant and is capable of supporting most of the plateau's elevation. Warm asthenosphere buoys the plateau, the rift, the Basin and Range and much of the western United States at elevations above the interior continent, while thicker crust raises the Colorado Plateau even higher (Figure 12) .
[55] The warm asthenospheric channel is coincident with the inferred late Cretaceous and early Tertiary location of the Farallon slab [Atwater, 1989] . Recent observations of the upper mantle place the slab in the transition zone (410-660 km depth) beneath the plateau [van der Lee and Nolet, 1997a] . The effects of its shallow subduction and subsequent foundering are still observed in the asthenosphere. Convective motions, which might otherwise dissipate the warm mantle anomaly, may be hampered by the presence of the cooler underlying slab (200 -400°C cooler as estimated by Schmid et al. [2002] ).
Lithosphere of the Rio Grande Rift and Jemez Lineament
[56] As in the crust, a wide zone of low velocities is associated with the Rio Grande Rift. Figure 10 reveals a highly symmetric mantle structure. The lowest velocities of 4.2 km/s are 6 -7% slower than global averages and are centered directly beneath the rift axis (station NM28) at shallow depths. Deeper structures extend to depths of $250 km and laterally for 200 km on either side.
[57] While velocities are still depressed under the Jemez lineament (NM34), the low-velocity feature that dominates the region is centered on the rift. The Jemez lineament and the axis of the rift are separated by 125 km along the array. Though 125 km separation between the rift and lineament is on par with the resolution limit, the strong shallow mantle anomaly is clearly gone beneath NM35. While extension is accommodated at the rift, voluminous young (<4.5 Myr) volcanic fields are found along the lineament instead. This has lead several authors to propose that the Jemez lineament is an edge effect where the Colorado Plateau abuts the rift [e.g., Aldrich et al., 1986] . In this explanation, small rotations of the plateau weaken the lithosphere allowing magma to ascend. The high sub-Moho velocities observed beneath the Colorado Plateau, indicative of cool lithosphere, taper toward the SE and end beneath station NM34. The Jemez lineament volcanism coincides precisely with the edge of the Colorado Plateau lithosphere (Figure 10 ), in agreement with the plateau rotation explanation. Alternatively, the temperature difference between the rift and plateau could drive small-scale convection bringing hot asthenosphere to shallow depths in this region.
[58] The rift displays a 10-to 20-km-thick zone of negative velocity gradient from 4.35 km/s directly beneath the Moho to 4.2 km/s at a depth of 45-55 km, and likely represents a thin mantle lithosphere ( Figure 10c ). As discussed in section 4.4, velocity gradients can result from faulty assumptions about the Moho depth or velocity contrast. However, this sub-Moho gradient exists for all reasonable Moho models and is inconsistent with a dV Moho that is either too small or too large (Figure 11) .
[59] A 10-to 20-km-thick mantle lithosphere provides some thermal buffer between the convecting asthenosphere and the crust and is consistent with the absence of massive volcanic fields in the rift. It also agrees with geotherm estimates from heat flow [Decker and Smithson, 1975] and crustal xenoliths [Padovani and Carter, 1977; Fodor, 1978] which suggest a small amount of lithospheric insulation from the asthenosphere. However, a thin, warm and weak lithosphere is readily traversed by melts from below, explaining why young basalts in the south and central portions of the rift can have isotopic and trace element signatures from an asthenospheric source [Perry et al., 1987; McMillan, 1998 ].
Mantle Dynamics of the Rio Grande Rift
[60] Beneath the central rift, the minimum V s of 4.2 km/s is comparable to local studies of surface waves and Pn phases [Olsen et al., 1979; . This zone of minimum velocity is $100 km wide, lies between 55 and 90 km depth and is 10% slower than similar depths beneath the Great Plains. Compositional variation can explain just a few percent of this variation [Sobolev et al., 1996; Goes et al., 2000] . The 10% velocity anomaly can only be explained by temperatures at or near the solidus where the temperature effect on velocity increases dramatically [Karato, 1993] . Near-solidus temperatures and a small amount of partial melt are also expected in light of the recent basaltic volcanism along the rift.
[61] No deep source of warm (upwelling) asthenosphere is observed in the surface wave data. Below 300 km, the rift appears similar to the Colorado Plateau. Deep, warm upwelling, a hallmark of mantle-driven rifting, is not currently found beneath the Rio Grande Rift. Instead, the rift-centered low-velocity zone extends to a depth of only $125 km, while 100 km to either side low velocities extend to $250 km depth. This ''inverted-U'' anomaly is seen in the raw phase velocities (Figure 6a ) and is too large to be explained by our error estimates (Table 2) . It is also observed in the independent teleseismic shear wave tomog- Figure 12 . Schematic representation of the uppermost mantle across the southwest United States. raphy of Gao et al. [2004] . This surprising inverted-U feature differs considerably from what is expected beneath an actively driven rift, and adds to a growing body of observations suggesting that lithospheric stresses and smallscale convection, not deep mantle upwelling, drive the rift [Gök et al., 2003; Wilson et al., 2003] .
[62] The inverted-U feature bears some resemblance to plume heads impinging on the lithosphere [e.g., Farnetani, 1997; van Keken, 1997; Marquart et al., 2000] , but the absence of flood basalts or any radially symmetric pattern of uplift or magmatism argues against this explanation. A similar inverted-U anomaly is observed beneath the East Pacific Rise [Forsyth et al., 2000; Conder et al., 2002] and has been attributed to anisotropy induced by upwelling mantle [Zhang and Karato, 1995] . Unlike the East Pacific Rise though, shear wave splitting across the LA RISTRA array finds no anisotropy correlated with rift extension [Gök et al., 2003] . The minimum 5% anisotropy required to create the inverted-U feature would have a strong riftsymmetric signal in the shear wave splitting, contrary to what is found.
[63] The seismically fast interior of the inverted-U is best explained as asthenosphere which has been advected vertically in response to rifting. Contrary to the actively driven rift model, upwelling as a passive response to rifting requires neither warm nor buoyant mantle. If the upper mantle thermal gradient is subadiabatic, then the temperature of advected mantle, which follows an adiabatic gradient, will cool, relative to its surroundings, as it shallows. Convection models and global tomography show that significant subadiabatic temperature gradients can exist in the upper mantle [Matyska and Yuen, 2002] . A subadiabatic gradient is particularly fitting for the Rio Grande Rift. Temperatures at 55-90 km depth are at the solidus, yet flat topography on the 410-and 660-km discontinuities [Wilson et al., 2003] implies that the thermal anomaly does not reach these depths. The average thermal gradient between 90 and 410 km is necessarily smaller than outside the rift.
[64] Even in a subadiabatic thermal regime, the cool anomaly in the inverted-U can only be explained if it is passively drawn to shallower depths and not driven by thermal buoyancy. This upwelling is necessary to accommodate the opening rift. It may be aided by small-scale convection. The rapid change in lithospheric thickness on either side of the rift creates a thermal instability that may drive convection. Edge-driven convection creates downwellings at the lithospheric discontinuity and upwelling return flow under the region of thin lithosphere [King and Anderson, 1998 ]. In the case of the Rio Grande Rift, this upwelling return flow might occur near the rift axis, reinforcing the upwelling already required by rifting.
Conclusions
[65] Using long-period surface waves, we map the crustal and upper mantle shear velocity structure of a 950 km transect across three tectonic provinces in the southwest United States. By incorporating events from a range of back azimuths, we counter the effects of multipathing and derive a more statistically robust model.
[66] Each province has a distinct crustal structure. The Great Plains and Colorado Plateau have uniformly fast lower crust, while the Rio Grande Rift has a gradient of slower velocities extending to the Moho, consistent with high temperature extended crust. The rift signature extends 150-200 km on each side of the rift axis, ending abruptly at the Great Plains and more gradually at the Colorado Plateau. Tertiary volcanism, including the Jemez volcanic lineament, is centered near these province edges where lateral velocity gradients are strongest. Faster lower crust beneath the Great Plains, compared to the Colorado Plateau, may reflect a difference in composition inherited from continental assembly or a temperature difference of 200°C.
[67] The inferred thickness of the lithosphere varies from $200 km beneath the Great Plains to 45 -55 km beneath the rift, thickening again beneath the Colorado Plateau to 120-150 km. The Jemez lineament coincides with a strong lateral gradient at the edge of the Colorado Plateau. No magmatic source region is found beneath the lineament at the resolution of this study. This is consistent with magmatism that is initiated, not by overwhelming mantle magmatism, but by lithospheric weakness resulting from extension or shear.
[68] From east to west, craton-like mantle ends abruptly at the edge of the Great Plains, and is replaced by a lowvelocity asthenospheric channel under the rift and Colorado Plateau-the result of warm asthenospheric mantle which replaced the once shallow Farallon slab. Beneath the plateau, the low-velocity asthenospheric channel extends to a depth of $275 km. The buoyant force associated with this warm mantle is sufficient to support much of the plateau's elevation. This suggests that any mechanism to explain the uplift of the plateau must also include the Rio Grande Rift and the Basin and Range Province.
[69] The warm shallow mantle observed beneath the rift does not appear to be connected to, or fed by, a deeper mantle source such as a plume. The absence of a deep source implies that rifting is a response to lithospheric extension and is not driven by deep mantle upwelling.
[70] The lowest velocity mantle anomalies (À10% relative to the Great Plains) are found 55 -90 km beneath the rift axis. Anomalies of À5% extend on either side of the rift to 200 -300 km depth, forming a roughly symmetric inverted-U feature. The feature is robust and also appears in the shear wave tomography of Gao et al. [2004] . In a subadiabatic thermal regime, mantle that is carried to shallower depths will cool relative to surrounding temperatures. The advection of mantle beneath the rift has generated a cool finger of mantle beneath the rift. This upwelling may be reinforced by small-scale convection along the edge of the Colorado Plateau and Great Plains.
[71] We propose that each of the tectonic events that have occurred along the modern rift axis since the Laramide can be related to specific features in the mantle. The lowvelocity asthenospheric channel corresponds to the early Tertiary location of the shallow Farallon slab. The terminus of the channel against the edge of the Great Plains marks the inland extent of shallow subduction at this latitude. The Laramide orogeny occurred above the eastern end of this channel corroborating assertions that uplift was driven by compressional stresses, propagated inland by shallow subduction. As shallow subduction ended and the slab sank, the advection of warm mantle into the opening mantle wedge initiated doming of the rift and the westward migrating ignimbrite event. The Laramide orogeny, upwelling mantle and slab-driven magmatism worked jointly to thin and weaken the lithosphere. The lithospheric weakness was not a result of compositional differences inherited from continental assembly, nor is there evidence for long-lived mantle convective features beneath the region. However, prior events predisposed the lithosphere to accommodate the extensional strain. Ensuing small-scale convection most likely contributes to the continued extension of the rift.
